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1 Abstract
The impact of stratospheric aerosols on Earth’s climate, particularly through atmospheric
heating and ozone depletion, remains a critical area of atmospheric research. While satellite
data provides valuable insights, independent validation methods are necessary for ensuring
accuracy. Twilight near-infrared (NIR) radiometry offers a promising approach for inves-
tigating aerosol properties, such as optical depth and layer height, at high altitudes. This
study aims to evaluate the effectiveness of twilight radiometry in corroborating satellite data
and assessing aerosol characteristics. Two methods based on twilight radiometry—the color
ratio and the derivative method—are employed to derive the aerosol layer height and optical
depth. Radiances at 450, 550, 762, 775, and 1050 nm wavelengths are analyzed at varying
solar zenith angles, using zenith viewing geometry for consistency. Comparisons of aerosol
optical depths (AODs) between Research Pandora (ResPan) and AErosol RObotic NET-
work (AERONET) data (R = 0.99) and between ResPan and Modern-Era Retrospective
analysis for Research and Applications (MERRA-2) data (R = 0.86) demonstrate a strong
correlation. Twilight ResPan data are also used to estimate the aerosol layer height, with
results in good agreement with SAGE and lidar measurements, particularly following the
Hunga Tonga eruption in Lauder, New Zealand. The simulation database, created using
the libRadtran DISORT and Monte Carlo packages for daylight and twilight calculations, is
capable of detecting AODs as low as 10−3 using the derivative method. This work highlights
the potential of twilight radiometry as a simple, cost-effective tool for atmospheric research
and satellite data validation, offering valuable insights into aerosol dynamics at stratospheric
altitudes.

2 Introduction
Twilight influences life on Earth, with its illumination varying by latitude and season due
to the atmospheric density [1]. It affects plant growth and blooming times, while also
providing cooler temperatures and favorable hunting conditions for wildlife. The low light
conditions during this transitional period with fish coming to the surface of the water to
nourish themselves before going back to deeper waters, [2, 3], make it an ideal time for
fishing activities. As such, twilight plays a critical role in the ecosystems of many regions,
influencing both natural processes and human activities.

Twilight can be classified into three distinct phases, each marked by a specific angle of
solar depression below the horizon [4]. Civil twilight, when the Sun is between 0◦ and 6◦

below the horizon, is good for landscape imaging. Next is nautical twilight when the Sun is
between 6◦ and 12◦ below the horizon. During this time some major stars are visible which
help the sailors in navigation. The last is astronomical twilight, when the geometric center of
the Sun is between 12◦ and 18◦. Astronomers use the astronomical twilight time to observe
stars or planets that appear as bright points. It should be noted that the illumination level
of different twilight periods depends not only on the depression of the Sun but also on the
presence of clouds.

Twilight sky brightness is caused by sunlight scattered by molecules, aerosols, and ozone
in a thin volume of air above the momentary height of Earth’s shadow during sunset/sunrise,
as shown in Figure 1. This phenomenon is measured through twilight radiometry (TRM), a
technique that has been employed since the early 19th century to study the vertical optical
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properties of the atmosphere. In an attempt to record daylight illumination, the study
was extended to the Sun’s depression angles of 2◦, 3◦, and 6◦, respectively, using a visual
photometer [5, 6]. Subsequently, the shortening of civil twilight in the presence of clouds
was investigated [6]. An increase in twilight sky brightness due to forest fires was also
observed [6]. The measurements were made using a Weber photometer with the Sun at a
depression of 8◦. A wedge photometer measured twilight intensity at Sun depression angles
of 8.5◦ to 13.5◦, establishing the relationship between decreasing intensity and increasing
solar depression [6].

Despite these foundational studies, several critical gaps in the understanding of twilight
brightness remained unresolved. One significant challenge was the difficulty in comparing
twilight measurements across different observers, due to inconsistent methodologies and a
lack of standardized absolute twilight intensity data. As a result, the connection between
twilight brightness and the optical properties of Earth’s atmosphere remained understudied.
Additionally, the limited range of solar depression angles investigated further constrained
the depth of these studies. These issues persisted even as researchers like [6] expanded their
observations, using both visual photometers and photoelectric cells and presented data on
air density as a function of altitude. These methods were later applied to detect aerosol
and dust layers in the atmosphere by measuring variations in twilight intensity [7, 8]. Their
work concluded that twilight intensity could be a reliable method for observing dust in
the atmosphere. Furthermore, while some research suggested that stratospheric aerosols
could influence twilight brightness—particularly after volcanic eruptions [9–13]—there was
insufficient observational evidence to quantify this impact reliably. Earlier measurements
were often challenged by inconsistent methodologies and limited observational reach for
studying stratospheric aerosols.

In addition to these challenges, stratospheric aerosols have been a key focus in Earth
science due to their significant impact on climate. These aerosols influence the radiative
balance [14], contribute to stratospheric warming, accelerate ozone depletion through chem-
ical reactions, and disrupt global stratospheric dynamics [15]. They are also believed to
negatively impact nitrogen dioxide, which plays a crucial role in various stratospheric chem-
ical cycles [16]. Although the stratosphere contains only 17% of the atmosphere’s mass, its
instability can have a profound influence on the troposphere, which in turn affects surface
conditions. Stratospheric aerosols, such as condensed aerosols and mineral dust, can influ-
ence climate change both regionally and globally during events of high aerosol injection, such
as volcanic eruptions [17].

To improve our understanding of these aerosols, many satellite-borne monitoring instru-
ments are used, providing global-scale data. The Stratospheric Aerosol Measurement (SAM)
and later SAM II instruments were developed to analyze stratospheric aerosol data for polar
regions. The SAGE missions (SAGE I, II, III) are remote sensing instruments that use the so-
lar occultation technique to study important atmospheric constituents like aerosols, ozone,
and water vapor [18–21]. However, the global-scale data provided by these instruments
must be validated using other methods, such as in-situ sampling (balloon-borne) and remote
scattering measurements like ground-based lidars [22]. Stratospheric aerosols also impact
twilight sky brightness. Consequently, measurements of twilight sky brightness caused by
aerosol scattering can serve as an alternative method to corroborate satellite-based findings.
This serves as the primary motivation for the current study.
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The challenges of previous twilight radiometry research are addressed by employing ad-
vanced radiative transfer modeling techniques and high-quality observational data. All calcu-
lations are performed using the zenith viewing geometry. Compared to direct-Sun geometry,
the zenith view provides measurements during twilight and is particularly advantageous
for retrieving near-surface species like nitrogen dioxide and formaldehyde [23], especially in
thin and moderate cloud conditions when direct Sun measurements are difficult to achieve.
Additionally, this viewing geometry can help differentiate between ground surfaces, as will
be discussed later. The study of twilight has been conducted using a Monte Carlo-based
radiative transfer (RT) model from libRadtran [24], with data obtained from the ResPan
spectroradiometer (Reserach Pandora) similar to the one discussed in [25]. The technique is
employed to ascertain two key aerosol properties: aerosol optical depth (AOD) and aerosol
layer height (ALH). Several key findings are presented in this study.

AOD and ALH are critical parameters for understanding climate dynamics. AOD is
an optical parameter of aerosols, widely used as an indicator of air pollution. It reflects
how much direct sunlight is blocked by air pollutants (such as dust, smoke, etc.). This
dimensionless quantity can impact air quality, climate change, human health, and the balance
between incoming solar energy and outgoing radiation from Earth [26]. Knowledge of ALH is
essential for determining the impact of aerosols at different vertical heights of the atmosphere,
which, in turn, influences the formation and lifecycle of clouds [27,28]. ALH plays a key role in
the direct and indirect radiative forcing of aerosols, which is required for calculating Earth’s
energy budget [29–31]. Moreover, it can help identify and trace the long-range transport
of aerosols, shedding light on their lifecycle and enabling the monitoring of air quality to
forecast severe air pollution events [32]. The retrieval of ALH depends on the observing
wavelength, as detailed in previous studies [11,33]. In the discussion section, the calculated
minimum heights corresponding to different observational wavelengths are presented.

This study extends previous work by utilizing twilight radiometry beyond 1000 nm, al-
lowing for more precise aerosol layer height detection. By integrating advanced radiative
transfer modeling techniques and improved observational datasets, a more robust method
for stratospheric aerosol analysis has been presented. Previous studies, such as [34], pro-
posed a simple analytical expression for twilight brightness. This expression has now been
compared with radiative transfer (RT) simulations under clear sky conditions, both includ-
ing and excluding ozone, as illustrated in Figure 4. All RT calculations were performed
using the libRadtran package [24, 35]. For RT simulations in twilight (i.e., for solar zenith
angle (90◦ < SZA < 100◦ ), the Monte Carlo solver MYSTIC has been used [24]. It is a
fully spherical code that takes the spherical geometry of the Earth into account without
simplifying assumptions [36]. With the help of this model, layer height information at dif-
ferent wavelengths is investigated and discussed. Comparisons of AODs on different days
between the ResPan instrument and collocated AERONET (AErosol RObotic NETwork)
measurements during daylight, at various SZAs, are presented in Section 5. Additionally,
comparisons between ResPan and MERRA-2’s (Modern Era Retrospective Analysis for Re-
search and Applications-2) [37] AOD at 550 nm are also discussed. For daylight conditions
(i.e., for SZA < 90◦), the DISORT RT code (pseudospherical from 80◦ <SZA< 90◦) from
the libRadtran package [24] has been used. Furthermore, the impact of the Hunga Tonga
volcanic eruption on aerosol loading is explored, with data from the ResPan instrument
at the Lauder site used to study aerosol layer heights in comparison to SAGE and lidar
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measurements.
The paper is organized as follows: Section 3 describes the adopted method; Section 4

outlines the data used; Section 5 presents the results; Section 6 provides an analysis of the
results; Section 7 summarizes the conclusions reached of this study; Section 8 provides the
analytical methods and Section 9 provides the calibration procedures applied in this study.

3 Twilight Radiometry
Twilight radiometry provides a method for estimating aerosol properties based on light
scattering during twilight conditions. When the Sun is below the horizon, the upper part of
Earth’s atmosphere is illuminated, and the lower part is partly obscured by Earth’s shadow.
The scattering due to molecules, ozone and aerosol particles above this boundary causes the
twilight sky brightness. The lowest atmospheric layer, which is the densest, contributes most
to the scattering and can thus be measured by detecting the shadow height corresponding
to the twilight SZA. The twilight radiometry method can cover a wide range of altitudes.
Volcanic eruptions enhance the stratospheric aerosol layer loading at certain altitudes. The
twilight brightness method, as discussed previously in many works, [11–13, 33, 38, 39] has
been used to study and retrieve the optically active constituents of Earth’s atmosphere.
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Aerosol Layer

Earth

z

I0(𝜆)

Zenith
Viewing
Direction

SZA>90

SZA<90 (Daylight)

I0(𝜆)
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ReRe

Earth

= 90+ θ
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θ

Figure 1: Schematic representation of daylight and twilight geometries with aerosol and ozone layer.

Figure 1 shows the geometry of the two cases studied in this work. Daylight occurs when
SZA< 90◦ (when solar rays passes the Earth’s atmosphere), and twilight occurs when the
SZA> 90◦ (when solar rays graze Earth’s surface). Both cases use a zenith viewing direction
where Re is the radius of Earth, θ is the depression angle, and I0(λ) is the incident intensity.
The geomteric shadow height (z) is from the surface of Earth where the line of sight and
rays grazing the Earth meet shown in Figure 1. When this ray hits the aerosol layer (red)
this particular height becomes key to the aerosol layer height information. In the diagram,
the ozone layer is shown in blue. As solar light passes the Earth’s atmosphere, it undergoes
wavelength dependent attenuation and molecular scattering. Additionally, absorption due
to water vapor and ozone is present as well. Therefore, the geometric shadow is defined as
the shadow height which Earth would cast if it had no atmosphere [40]. In previous works,
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the effective height of Earth’s shadow derived from the visible range included a screening
height added to the geometric shadow height. An expression for the effective Earth’s shadow
height was suggested as z + (20/ sinθ) km, and 20/ sinθ is the screening height by [41]. Later,
it was suggested to add 11 km for 450 nm and 3 km for 650 nm to account for the screening
height [40,41].

The geomteric Earth’s shadow height, excluding the screening height, z, (as shown in
Figure 1) for zenith viewing can be computed as :

z = Re(secθ − 1), (1)

where Re and θ are same as discussed before. If longer wavelengths (¿650nm) are used for
observation then the Earth’s shadow height would be very close to the geometric shadow
height of the lowest grazing rays also mentioned in earlier work [7]. This is confirmed by
computation done using various wavelengths where longer wavelengths are able to detect the
aerosol layer height well, which is close to the geometrical shadow height of the lowest grazing
rays as shown in Figures 13 and 14 as well as in Table 1. Early twilight studies initially
used wavelengths up to around 650 nm. It was not until later that longer wavelengths,
extending to approximately 800 nm, were introduced into twilight observations [12]. This
study, to the best of the authors’ knowledge, represents the first application of twilight
radiometry beyond 1000 nm wavelengths, providing new insights into aerosol layer heights
at stratospheric altitudes. The deductions are compared with other lower wavelengths.

An expression for the brightness of the sky with the Earth’s atmosphere both with pure
air and air with ozone was presented in the work [34]. The expression for clear sky with and
without ozone is verified first and then subsequently compared with the radiance calculated
by Monte Carlo RT code [24]. The brightness expressions are given in the appendix (Sec-
tion 8) and the comparison outcomes are presented in the result (Section 5). The impact of
single versus multiple scattering at different ranges of wavelength are also highlighted.

To study the relationship between aerosol properties (AOD and ALH), the RT code is
simulated at different SZAs and wavelengths. The wavelengths 450, 550, 762, 775 and 1050
nm are used as part of this study. For the aerosol model, Gaussian-shaped stratospheric
aerosol layers have been implemented in the model atmosphere at mean altitudes, 5, 10, 15,
20, 30, and 40 km with variance of the distribution of 0.85 (close to 1). A minimum mean
altitude of 5 km was chosen in this study to explore the limits of the twilight radiometry
method. The stratospheric aerosol optical thickness (at λ = 550 nm) ranged from τ = 0.003,
0.005, 0.008, and 0.01. The Sun is treated as a point source, and convolution of the solar
zenith angle with half a degree is not performed.

This work uses the ratio of intensity/radiance at two wavelengths, also known as the color
ratio method, to identify aerosol properties (AOD and ALH). In the past this method has
been successfully used to detect AOD [38,39] using different wavelength ratios. The method
is based on the characteristic wavelength dependency of scattering by particles. For instance,
Rayleigh scattering predominates at shorter wavelengths, whereas aerosol scattering is more
significant at longer wavelengths. Based on this fact, the ratio of the intensities at 775 nm and
450 nm is found to be useful to infer the aerosols’ ALH and AOD information. The Oxygen-
A band is commonly used to retrieve aerosol height information [42–46]. Oxygen is a well
mixed gas in the atmosphere and because of its pressure dependence it can provide reliable
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vertical information of aerosol [46]. This is possible because the oxygen-A band’s absorption
gets modified by the multiple scattering caused by aerosols at various altitudes [44]. The
Oxygen-A band wavelength has been used for remote sensing with satellite based as well as
ground based instruments [47]. Particularly, the wavelength 762 nm is chosen from oxygen-A
band. The relationship between the ratio of 775 nm and 450 nm and difference of 775 and
762 nm has been explored. It is found to provide consistent and reliable information about
ALH as well as AOD. The band at 550 nm is used to inspect the aerosol information as it
corresponds to the peak of the solar spectrum and the mid visible range where the radiative
effect is highest [48]. The Ångström exponent equation is:

τ(λ) = βλ−α (2)

where τ(λ) is the aerosol optical depth (AOD) at wavelength λ, β is the turbidity coeffi-
cient, and α is the Ångström exponent. If AOD at two wavelengths are known (λ1 and λ2)
using eq. (2), α can be calculated as:

α = −
ln
(

τ(λ1)
τ(λ2)

)
ln
(

λ1

λ2

) (3)

Thereafter AOD at an unknown wavelength (λ) can be obtained as:

τ(λ) = τ(λ1)

(
λ

λ1

)−α

(4)

AERONET’s spectral AODs at 440 and 675 nm were used to obtain the Ångström
exponent and the AOD at 550 nm using eqs. (2)–(4), which was then compared to MERRA-
2’s AOD at 550 nm. The twilight method is applied to show that the aerosol layer height as
low as 5 km can be detected with help of longer observing wavelengths. The height limitation
is imposed by the attenuation of atmospheric layers closer to the Earth’s surface. The
SZA (around 94◦) corresponding to height of 20 and 30 km have been used to demonstrate
the twilight theory. Direct-Sun measurements perform well for SZA until 80◦, but zenith-
sky measurements allow for extended spectral measurements, which help provide aerosol
height information. Ordinarily, during twilight with a non-turbid atmosphere, the intensity
decreases rapidly with increase in height and with increase in SZA. However, the presence
of the aerosol layer leads to increased scattering, which manifests as a peak in the intensity
versus SZA plot. This method of detecting the aerosol layer was first proposed [41]. Following
this concept, the logarithmic gradient of intensity (where intensity is measured in relative
units), q(λ, z), calculated from the rate of change in intensity with height, is a key method
to detect the aerosol layers based on their scattering properties:

q(λ, z) = dlogI(λ)/dz = dI(λ)/I(λ)dz. (5)

The z is the vertical height or Earth’s shadow height corresponding to the solar depres-
sion angle θ as used in Figure 1 and dIλ is the corresponding change in scattered intensity.
As mentioned before, the scattered intensity also depends on the wavelength of observation.
Molecular scattering and ozone absorption diminish with increasing wavelength, which makes

7



aerosol scattering a relatively more significant contributor. Consequently, longer wavelengths
in the near-infrared range are particularly useful for retrieving aerosol properties. The at-
mospheric refraction has been neglected in this work.

In previous studies of twilight simulations, the pseudospherical DISORT RT code was
used, which incorporates Chapman functions to account for the Earth’s curvature [12, 38].
However, it was realized that for higher SZAs or a low Sun, the pseudospherical correction
is not sufficient. In such cases, a fully spherical solver—such as a Monte Carlo model—is
required [13,24,36]. The models used in this work is from the libRadtran package, which is a
library of various RT routines and programs [24,35]. The Total and Spectral Solar Irradiance
Sensor (TSIS) solar spectrum has been used for the solar input [49]. For twilight simulations
starting from a solar zenith angle (SZA) of 90◦, the MYSTIC solver is used [50]. For SZAs
between 80◦ and 90◦, the DISORT solver with a pseudo-spherical approximation is preferred,
as it is significantly faster than MYSTIC while still providing comparable accuracy when
the Sun is above the horizon.

For RT simulation with SZA ≤ 80◦, the DISORT solver is used [51]. The Monte Carlo
method is subject to statistical noise, but MYSTIC does not use any simplifying assumptions
or approximations to solve the radiative transfer equation as shown in [?]. Therefore, it does
not introduce any bias which has been confirmed by various comparisons with independent
radiative transfer solvers and by comparison with observations. The statistical noise in the
Monte Carlo based RT simulations are reduced by using 1 × 109 photons. Moreover, the
derivative method used in the paper would not be affected by a constant offset factor, since
you calculate dI/I.

For the Greenbelt location, an urban surface was adopted in the model, while grassland
was used as the corresponding surface type for the Lauder location.
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Figure 2: Background Aerosol Profile With AOD at 550 nm as 0.005.

Figure 2 shows the background aerosol, Rayleigh and ozone profile used in the RT model
as part of this work [24]. The model employs the US Standard Atmosphere 1976, as im-
plemented in the libradtran package [24]. The atmospheric composition used in the model
is based on the paper [52], which includes molecules such as ozone, oxygen, water vapor,
carbon dioxide, and nitrogen dioxide as its constituents. For the aerosol peak at 20 km and
30 km, the aerosol profiles used are Figure 3a and Figure 3b respectively.
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Figure 3: Aerosol Profile With Gaussian Peak (3a) at 20 Km (3b) at 30 Km.

4 Data
The Pandora spectrometer is a ground-based instrument designed to perform measurements
under both daylight and twilight conditions. Developed under a NASA initiative in 2005,
it operates on the differential optical absorption spectroscopy (DOAS) principle to quan-
tify atmospheric trace gases. Pandora instruments are deployed globally as part of the
Pandonia Global Network (PGN) (https://www.pandonia-global-network.org, last access: 6
September 2024; [53, 54]), which supports atmospheric validation efforts. Two widely used
models include the Pandora-1S (280–530 nm) (https://sciglob.com/pandora-1s/, last access:
6 September 2024) and the Pandora-2S (270–900 nm) (https://sciglob.com/pandora-2s/, last
access: 6 September 2024), both of which are employed in diverse research applications.

In this work, ResPan, which is an extended wavelength ranged Pandora has been used.
The ResPan instrument was originally developed by the Pandora network group at NASA
(National Aeronautics and Space Administration)/GSFC (Goddard Space Flight Center)
[25]. Most of the components of ResPan are similar or identical to the standard Pandora in-
strument, except for the spectrometer. ResPan is regularly used with direct-Sun observations
to retrieve trace gases like O3,NO2, and H2O and aerosol properties like single scattering
albedo, aerosol optical depth, and mean radius [25]. As part of this work, zenith viewing
geometry has been used while taking measurements by ResPan. The same geometry has
also been used while implementing the libRadtran model to obtain the aerosol’s AOD and
ALH information using the twilight method for the first time. The instrument units used in
this study are registered as ResPan-43 (set up at Lauder, New Zealand) with a wavelength
range of 310 to 830 nm and ResPan-48 (set up in Greenbelt MD) with a wavelength range of
310 to 1100 nm. Prior to field deployment, these ResPan spectrometers underwent spectral
calibration using known solar and atmospheric lines, as well as radiometric calibration at
the GSFC Grande facility. The Grande calibration provided the conversion coefficient that
translates spectrometer count measurements into radiances for each channel. Calibration
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details are presented in the appendix (Section 9)
AOD computed by ResPan is compared to AERONET’s Version-3 Level 1.5 with im-

proved cloud screened data (https://aeronet.gsfc.nasa.gov, last access: 6 September 2024)
[55,56]. AERONET is a network of ground based sun photometers operated throughout the
world providing various aerosol properties established by NASA. However, as a surface-based
instrument, AERONET has spatial and temporal limitations, particularly when clouds ob-
scure its field of view. The estimated uncertainty in the AOD computed by AERONET pri-
marily due to calibration is approximately ∼ 0.010− 0.021 [56]. The ResPan model uses the
ozone data from Giovanni (Geospatial Interactive Online Visualization ANd aNalysis Infras-
tructure) [57], MERRA-2 [37] data. Additionally, the AOD data fromMERRA-2 is compared
with the AOD retrieved by ResPan using zenith view radiance observations. MERRA-2 is
the reanalysis data by NASA’s Global Modeling and Assimilation Office (GMAO).

Twilight data obtained from the ResPan-43 instrument deployed at Lauder, New Zealand,
following the Hunga Tonga eruption, is used to illustrate the aerosol height information and
is compared to collocated Stratospheric Aerosol and Gas Experiment (SAGE) III measure-
ments. SAGE III, onboard the International Space Station (ISS), performs sunrise and sunset
occultation measurements of aerosols and gas concentrations in the stratosphere and upper
troposphere, providing vertical profiles of aerosol extinction at different wavelengths [18–20].

Twilight photometry provides a simple, cost-effective method for providing aerosol pro-
files from 3 to 200 km. While the method is qualitative and lacks the precision of lidar
profiles, it has proven to be more stable than filter-based instruments, which can degrade
over time [58]. A simple but effective twilight photometer was developed in 2013 following
experiments at the Mauna Loa Observatory. These instruments provide atmospheric profiles
of tropospheric dust, smoke, and air pollution from 3 km to the stratospheric aerosol layer
(SAL) at 15–20 km, as well as profiles of aerosols from major volcanic eruptions above the
SAL. During meteor showers, these instruments provide profiles of meteor smoke at 80-95 km
within the mesosphere and cosmic dust at in the lower thermosphere. Detailed information
on the design and assembly of these twilight photometers is available [59].

The data used to illustrate the aerosol layer height information in this work is from a sig-
nificantly improved light emitting diode (LED) twilight photometer developed by Hagerup
Technical Services in 2022 for a National Aeronautics and Space Administration (NASA)
project. This photometer was designed to measure the altitude of aerosols from the historic
Hunga Tonga eruption, which occurred from December 20, 2021, to January 15, 2022. Pre-
vious LED photometers used a simple slit method to control the instrument’s field of view.
The Hagerup version mounted the LEDs at the base of a 150 mm tube capped by a 25 mm
diameter lens installed in a 100-mm lens tube capped by a 25 mm lens. This configuration
offers a very narrow field of view—just 0.3°, enabling high-resolution aerosol profiling while
significantly minimizing interference from stars [59].

The twilight data from the 1050 nm photometer is compared to JPL’s lidar data from the
Table Mountain Facility, CA (TMF) [60]. For aerosol backscatter data, TMF Stratospheric
Ozone Lidar (TMSOL) [61] is used, while the TMF Water Vapor Raman Lidar (TMWAL)
[62] is used for water vapor mixing ratio volume backscatter. TMSOL combines Rayleigh/Mie
and nitrogen vibrational Raman scattering techniques, whereas TMWAL exploits vibrational
Raman scattering of nitrogen and water vapor molecules.

Finally, twilight data from the ResPan instrument at the Greenbelt site is used to il-
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lustrate aerosol/cloud height information and is compared to collocated MPLNET (Micro-
Pulse Lidar Network) measurements [63]. Version 3 MPLNET lidar data were used here
to provide information on atmospheric vertical structure and aerosol height and backscatter
properties [64]. MPLNET data are available online at https://mplnet.gsfc.nasa.gov.

5 Results

5.1 Model Simulation
To understand the physics of twilight sky brightness, the analytical twilight model has been
compared with the modern Monte Carlo RT code from libRadtran’s package [24].
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Figure 4: Comparison between Hulbert’s sunset [34] and Monte Carlo Radiance [24].

Figure 4 shows the comparison between the ratios I/IMC400 as obtained from MC RT
code and the analytical sunset model at SZA = 90◦ (Equation (6)) where the viewing zenith
angle is 0◦, looking up from the ground. Two types of atmospheres are considered: one with
molecular scattering only, and the other with both Rayleigh scattering and ozone absorption.
The ozone profile in the analytical model is adopted from [34], while the MC RT model
uses the one provided in the libRadtran’s package [24] is used. For ease of comparison
between the two models, both MC RT and the anaytical model are normalized by RT’s
radiance at 400 nm for both with and without ozone cases [34]. The models show greater
differences at shorter wavelengths, where Rayleigh scattering dominates, compared to longer
wavelengths. Particularly, the atmosphere with only Rayleigh scattering has higher radiance
when calculated by the MC RT model compared to the analytical model . This difference
gradually decreases towards longer wavelengths. The analytical model takes into account
only the single scattering whereas the RT model includes both single and multiple scattering.
Consequently, there is more scattering in the MC RT model compared to the analytical
model due to the predominance of molecular scattering at shorter wavelengths by Rayleigh
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particles. Furthermore, when the atmosphere has both Rayleigh and ozone contribution, the
absorption by the Chappius band of ozone is noticed in both models.

For the rest of this work, the Monte Carlo RT model from libRadtran [24] is used to
describe the twilight conditions and DISORT for daylight. For twilight conditions, radiance
at higher SZAs (> 90◦)needs to be calculated. This requires investigating the validity of RT
codes’ simulations for corresponding SZAs. Hence the limitations of DISORT and Monte
Carlo were investigated for the twilight conditions. In the Figure 5 the irradiance computed
by both RT codes is compared for SZAs 85◦, 90◦, and 94◦. In this comparison, irradiance
is used instead of radiance due to the high computational cost of Monte Carlo radiative
transfer (MC RT) simulations for radiance calculations. From SZA 91◦ onwards, the two
codes differ significantly. With background aerosols, the difference between DISORT and
Monte Carlo is less than 5% for SZA between 85◦ and 89◦. The error approaches 8% for
SZA= 90◦ and worsens beyond that. Although DISORT is faster compared to Monte Carlo,
it is not accurate at higher SZAs [36], as it assumes a pseudospherical atmosphere.
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Figure 5: Comparison between Pseudospherical Disort (in Black) Vs Monte Carlo (in Magenta) at SZAs 85◦, 90◦, and 94◦.
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To confirm the accuracy of Monte Carlo in twilight conditions, the radiance computed by
the model was compared to data from ResPan deployed in Greenbelt, MD, on December 12,
2023, with SZA ranging from 85◦ to 100◦. This includes civil twilight and a significant portion
of nautical twilight. The model radiance computed by Monte Carlo for four wavelengths (450,
762, 775, and, 1050 nm) in the Figure 6a are found to be similar to ResPan data shown in
the ??. The model simulations used the default setting for atmospheric aerosol and trace gas
profiles, to illustrate the variation with respect to SZA. The strong agreement between the
model and ResPan data supports the accuracy of the Monte Carlo simulations under twilight
conditions. Convolution of the solar zenith angle by half a degree would slightly alter the
slope but would not affect the final outcome. This comparison was part of an exercise aimed
at evaluating the shape of the observations relative to the model, rather than achieving an
exact retrieval.
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Figure 6: Comparison of twilight radiance as a function of solar zenith angle (SZA) between (6a) Monte Carlo model simulations
(6b) and ResPan observational data.

5.2 Daylight
For the daylight model, the DISORT RT code of libRadtran [24] with pseudospherical ge-
ometry has been used to investigate the dependence of scattered intensity on AOD and ALH
for SZA = 85◦ and results are shown in the Figure 7. Two different ALH (20 and 30km) and
increasing stratospheric AOD (from 0.003 to 0.01) have been implemented. Scattered inten-
sity increases with aerosol optical depth. The aerosols with similar AODs are close to each
other with very less distinction between different layer heights. The aerosols at same height
irrespective of their AODs seem to follow the same slope indicating that it does not have
aerosol height information. The color ratio method is found to be dependent on the surface
information (further described in ground surface section 5.5) as well as the calibration of the
instrument (for the x-axis). This analysis is based on the radiative transfer model MYSTIC,
which does not introduce any inherent error. However, when applied to actual data, uncer-
tainties may arise. The associated horizontal error corresponds to an absolute uncertainty
of 5%, while the vertical error is estimated to be approximately 10%. Implementation of
the method using actual data is part of future work. The spectral ratio and its associated
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propagated uncertainties are defined in (Section 9).
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Figure 7: Ratio of I775 and I450 vs difference of I775 and I760 (7) at SZA=85◦. The circles indicate ALH=20 km and triangles
indicate ALH=30 km with increasing AODs.

Furthermore, AODs retrieved using ResPan data are compared to collocated AERONET
AOD measurements at the NASA/GSFC site. The results are shown in the Figure 8a. The
ResPan-48 spectra were scaled by ±5% to account for potential calibration errors and in-
strument degradation after the deployment. This scaling factor is applied to all ResPan-48
data and the AOD retrievals. The date 12th December 2023, with an SZA of 70◦ in the plot,
has been taken as the reference point for these comparisons. The ozone concentration has
been adopted from MERRA-2’s hourly NASA data. Different colors in the plot represent
different dates. The slope is 1.04 and the Pearson correlation coefficient or R-value is 0.99.
Some of the cases retrieved by ResPan don’t agree well with AERONET. AOD from ResPan
is also compared to MERRA-2 data in the Figure 8b for same dates and SZAs showing a
slope of 0.34 and R-value of 0.86. To demonstrate the technique employed by ResPan with
zenith view, SZA of 65.2 (Dated: 12th December 2023) from Figure 8a is selected. The
corresponding AERONET’s AOD at 550 nm (0.035) for SZA=65.2 is found with help of
Ångström coefficient computed by AOD at 500 and 675 nm wavelengths. Based on this
information, a range of AODs (0.030 to 0.045) and ozone information for the correspond-
ing UTC taken from MERRA-2, are used to compute different corresponding atmospheric
models. Thereafter, the code chooses the AOD (0.033 in this case) such that the error is
least between the corresponding model and observation. The residual plot is shown in the
Figure 9a. The spectral range affected by Fraunhofer lines was (shown in the Figure 9a)
avoided during spectrum matching between the model and observational data for Aerosol
Optical Depth (AOD) retrieval to minimize errors.
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The comparison plot between model and observation is shown in the Figure 9b where blue
represents the model whereas red represents the observation data from ResPan-48. ResPan-
48 has not been calibrated from 300 to 400 nm and hence this wavelength range is avoided
here. For error minimization, the wavelength range from 500 to 660 nm is chosen. This
is because lower wavelengths have ozone’s dominating contribution and higher wavelength
have surface contributions (Section 5.5).
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Figure 8: Comparison between Pandora measurements vs AERONET (8a) and vs MERRA-2 (8b).

To understand the differences between AODs calculated by the two instruments (ResPan
and AERONET), March 21, 2024, was chosen as it includes both good and poor agreement
points. On this date (marked by the cyan dots in the plot 8a), AODs from AERONET and
ResPan-48 agree well for most SZAs. The SZAs studied on this day are 39.2, 52.3, 63.2,
68.0, 70.4, 71.9, 75.7 and 78.6.
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Figure 9: AOD Retrieval using Pandora measurements and DISORT model (9a) Residual plot and (9b) Comparison plot,
between data and model.
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Figure 10: Radiance at 821 nm for March 21, 2024, in Greenbelt, MD.

The radiance data from ResPan-48 at 821 nm (Figure 10) has been chosen to understand
the reason behind the poorly agreeing SZA cases shown in Figure 8a. The two SZAs (52.3
and 78.6) on March 21, 2024, show variability over time in the radiance plot. (Figure 10)
which can suggest cloud in the field of view of the instruments. Similar methods are adopted
to detect clouds in the field of view of the instrument, as described in the work [65]. One of
the reasons for the differences in AODs measured by the two instruments can be attributed
to their different viewing geometry. AERONET uses direct sun measurements and then
performs air mass factor correction to yield zenith view equivalent AOD whereas ResPan,
as part of this work, uses zenith viewing geometry. Additionally, the deviation in the two
measurements can be due to a cirrus cloud in the instruments’ field of view. The different
temporal scatter of the radiance around SZA = 52.3° and 78.6° suggests thicker clouds in
the first case as shown in Figure 10.

An overestimation of MERRA-2 AOD values has been observed, particularly when the
actual AOD is low [?]. These measurements were taken during colder months, a period when
AOD levels in Greenbelt are typically low, and MERRA-2 struggles to capture the local and
seasonal variations as effectively as AERONET. This discrepancy may be attributed to
several factors, including generalized background aerosol levels, limitations in satellite data
assimilation under low aerosol conditions, inaccuracies in aerosol type representation, and
differences in temporal and spatial resolution between the MERRA-2 model and AERONET
observations.

The next section investigates the twilight sky using similar methodologies.

5.3 Twilight
For the twilight model, the dependence of scattered intensity on AOD and ALH is inves-
tigated using the Monte Carlo RT code from libRadtran [24], and results are shown for
SZA = 94◦ in Figure 11. Larger AODs result in higher scattered intensities, and the distinct

17



0.00009 0.00010 0.00011 0.00012 0.00013 0.00014 0.00015 0.00016

I775 I762(Wm 2nm 1sr 1)

0.7

0.8

0.9

1.0

1.1

1.2

I 77
5/I

45
0

SZA= 94.0

0.003

0.005

0.008

0.01

Tau Values

Figure 11: Ratio of I775 and I450 vs difference of I775 and I760 at SZA=94◦, using Monte Carlo simulations.
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slopes corresponding to different layer heights confirm that height information can be re-
trieved using the twilight radiometry method. At higher solar zenith angles during twilight,
when sunlight interacts with aerosols at an altitude of around 20 km, relatively less blue
light (450 nm band) is scattered downward. In contrast, when the light interacts with an
aerosol layer at a higher altitude, such as 30 km, more blue light is scattered downward.
As a result, aerosol scattering at different heights produces distinct slopes in the computed
color ratios. This feature can be used to infer the aerosol layer height at higher solar zenith
angles (SZAs), as demonstrated in Figure 11.

Furthermore, to illustrate the sensitivity of twilight spectrum to different aerosol AOD
and their heights, irradiance spectra are computed separately with background aerosols as
given in Figure 2 and for different AODs at a height of 30 km. The computations are done by
Monte Carlo for SZA=94◦ (Figure 12). This highlights that, in the presence of background
aerosols or aerosols with low AOD at higher altitudes (e.g., 30 km), the second peak at 775
nm in the twilight spectrum is comparable in intensity to the first peak at 450 nm. However,
as the AOD increases, the second peak becomes more pronounced and eventually surpasses
the first peak in intensity. This behavior indicates that the relative intensity of these two
wavelengths can be used to approximately infer the altitude and optical depth of the aerosol
layer.
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Figure 12: Modeled irradiance spectra for different aerosol optical depths (AODs) at 30 km altitude using Monte Carlo simu-
lations.

Another method to infer the aerosol layer height is the computation of logarithmic gradi-
ent of intensity (q), shown in Figures 13 and 14. For this exercise, two aerosol layer heights
and three wavelengths, namely the 550, 775, and 1050 nm, with an AOD equal to 0.005
at 550 nm, are considered. The left side plots show how the negative of q behaves with
respect to the SZAs, and the right side plots show the relationship between mean height and
negative q. In the left plots, a spike is observed at a particular SZA, and this corresponds to
Earth’s shadow height, suggesting scattering due to aerosol. The right side plots also show a
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spike at the height where the intensity increases due to scattering by aerosol at that specific
height. In Figure 13, where the aerosol layer height is at 20 km, it can be seen that 775
and 1050 nm contain the aerosol height information, whereas 550 nm does not show such
details. For higher aerosol heights (Figure 14), the logarithmic gradient of intensity at 550
nm starts showing some sensitivity towards the ALH but is not well defined compared to
longer wavelengths (775 and 1050 nm).

To demonstrate how aerosol height influences radiance at higher solar zenith angles
(SZAs), Figure 15 presents spectra obtained from ResPan measurements at the Lauder,
New Zealand site on 28th May 2024. The blue spectrum shows morning data, whereas the
red shows afternoon data. The afternoon spectrum shows a peak at 775 nm compared to the
morning data, suggesting the presence of an aerosol layer. This is similar to the irradiance
plot ( Figure 12), where a high AOD shows a peak at 775 nm as well. Thus, it is evident
from Figure 15 that the height information of aerosols is present in the radiance at higher
SZAs.
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Figure 15: Comparison of Afternoon(Red) vs Morning (Blue) radiance from Lauder, New Zealand.

The two methods (color ratio and derivative) discussed above are used to detect the
aerosol layer height from data collected by ResPan-43, deployed in Lauder, NZ. November
26, 2022, was chosen because it followed the Hunga Tonga volcanic eruption, allowing for the
observation of aerosol injection into the stratosphere. The Figure 16a is similar to previous
Figure 11. Here, the model (indicated in the plot) with an ALH at 25 km is compared to
data obtained from four different days/twilights. To include bending due to atmospheric
refraction, a half degree difference in SZA is considered between the model (SZA=93.5◦) and
the observation (SZA=94◦). With this addition, the color ratio corresponding to model sim-
ulation for the aerosol layer at 25 km comes closer to the ResPan twilight data. The twilight
of November 26, 2022 (indicated in red in Figure 16a) was investigated by the derivative
method as well (Figure 16b). In the derivative method, aerosol height is detected both with
(indicated in red) and without refraction (indicated in black). Bennett’s empirical formula
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Figure 13: Illustrations of the aerosol peak at 20 km with an AOD of 0.005 at 550 nm, using Monte Carlo simulations.
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Figure 14: Illustrations of the aerosol peak at 30 km with an AOD of 0.005 at 550 nm, using Monte Carlo simulations
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has been incorporated [66] to include the refraction due to Earth’s atmosphere. Without
refraction, the detected height is 28 km, which is higher than the 23 km detected when re-
fraction is included. On the same day lidar data were obtained from Lauder (Figure 17) [67],
as well as SAGE data (Figure 25). Both indicate an aerosol layer at a height of approxi-
mately 18 km. This shows a difference of 5 km compared to the ResPan prediction of the
aerosol layer height. This difference can be primarily attributed to atmospheric refraction.
Improved refraction models can help reduce this difference.
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Figure 16: ResPan data at 775nm used to estimate aerosol layer height (ALH) using two methods, (Figure 16a) the color-ratio
method, showing observational data compared with a model at 25 km ALH and (Figure 16b) the derivative method, detecting
ALH both with and without refraction effects.

Figure 17: Vertical distribution of the aerosol backscatter ratio at 532 nm (BSR532) observed over Lauder on November 25,
2022. The horizontal dotted line indicates the tropopause.
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5.4 Twilight Photometer
The method is further applied to twilight photometer data from Brea, California, and sub-
sequently compared to JPL lidar data from Table Mountain, CA. The comparison is shown
in Figure 18. The photometer shows aerosol peaks at approximately 4, 18, 26, and 37 km
altitudes (Figure 18c). This is compared with JPL data, which is not collocated but is about
70 miles away. Since the aerosol backscatter data from JPL has a minimum cutoff of 15
km, for the aerosol layer comparison below 10 km, JPL’s H2O volume mixing ratio is used.
Previous works have shown a positive correlation between the aerosol backscattering ratio
vertical profiles and the water vapor mixing ratio [68].

The photometer shows four aerosol peaks at approximately 4, 18, 26, and 37 km altitudes.
Similar aerosol peaks can also be observed in the JPL’s aerosol lidar profile (> 10km)
(Figure 18a). In the Figure 18b, H2O volume mixing ratio has a peak around 6.5 km,
approximately, which is similar to photometer’s peak at 5 km. The aerosol layer around
5-7 km can be attributed to long-range transported finer dust particles. A similar aerosol
loading was also reported using measurements from MPLNET in a publication [69].
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Figure 18: JPL Data (Figures 18a and 18b), Table Mountain, CA, and Twilight Photometer (Figure 18c) from June 25, 2024,
Brea, CA.
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Zenith view geometry is chosen in this work because it can provide continuous mea-
surements through twilight and is also advantageous for retrieving near-surface species [23].
Additionally, it can be sensitive to ground surface reflectance as shown in Figure 19.
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Figure 19: Comparison of modeled irradiance with different surfaces, using DISORT simulations.

5.5 Surface
Figure 19 presents the percentage differences in the model radiance computed by DISORT at
an SZA of 70◦ with a zenith viewing geometry for various surfaces available in the libRadtran
package [24]. Most surfaces—except deserts, sea ice, and Antarctic snow—show noticeable
percentage differences at wavelengths of 700 nm and beyond when observed from a zenith
viewing geometry. Therefore, for wavelengths above this threshold, AOD retrievals may be
influenced by assumptions about the surface type. A comparison between the zenith-view
and direct Sun geometries reveals the impact of the surface on AOD retrievals. Consequently,
a zenith-view geometry at wavelengths above 700 nm can be used to infer information about
the surface type.

6 Discussions
The accurate detection of ALH also depends on the wavelength at which twilight sky bright-
ness is observed. The results are presented in the Table 1. The logarithmic gradient of
intensity (q) at different wavelengths of observation can help determine the layer height. Ta-
ble 1 presents the results for aerosol layer heights at 5, 10, 15, 20, 30, and 40 km with AOD
= 0.005 at 550 nm, at three separate wavelengths (550, 775, 1050 nm) using the derivative
method. When aerosols are at lower altitudes, the longer wavelengths are more effective in
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TRM Height Prediction at
Wavelengths (nm)

Aerosol Peak
Height (Km) 550 775 1050

5.0 - - 5.5
10.0 - - 11.0
15.0 - - 17.42
20.0 - 21.03 21.03
30.0 20.0 29.34 30.30
40.0 32.0 39.86 40.57

Table 1: Comparison of Aerosol Peak Prediction at different Wavelengths with AOD=0.005 at 550 nm

detecting their height. For instance, at 5, 10, and 15 km, only 1050 nm was able to detect
the presence of the aerosol layer. Although ALH at 20 km is detected by 775 and 1050
nm, it is not detected at 550 nm. However, for ALH higher than 20 km, using 550 nm
as the observation wavelength can still detect a layer, although not as accurately as longer
wavelengths, as shown in Figures 13 and 14. These results confirm that longer wavelengths
should be preferred for detecting ALH at lower altitudes. Shorter wavelengths (like 550
nm) consistently predict the height to be lower than the actual value. This supports the
use of a screening height assumption at lower wavelengths, as done in earlier works [40,41].
This discrepancy is largely due to the stronger Rayleigh scattering and absorption from the
Chappius band of ozone (450–700 nm) at shorter wavelengths, which causes a loss of aerosol
information. At longer wavelengths, these effects are weaker, making it easier to detect
aerosol properties. The sensitivity of the second aerosol peak to AOD and height at higher
wavelengths is also evident in Figures 12 and 15. The same derivative method was used to
detect the background aerosol profile presented in Figure 2 with AOD=0.005 at 550 nm,
using 1050 nm. As shown in Figure 20, the method successfully detects the peak at 5 km
using Monte Carlo simulations.
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Figure 20: Background aerosol detection by derivative method.

(a) MPLNET Aerosol Backscatter plot.
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Figure 21: MPLNET Data (figs. 21a and 21b), and ResPan (fig. 21c) from September 16 2023, Greenbelt, MD.

Additionally, the method was applied to data from a clear day, using spectrometer mea-
surements from ResPan-48 deployed at Greenbelt, MD, on September 16, 2023. Figure 21c
shows that the derivative method was able to detect the peak due to broken cloud at wave-
lengths of 775 and 1050 nm, with a smaller peak at 550, and 650 nm, but no peak at 450
nm. Although the spectrometer used here was somewhat noisy at 1050 nm (as shown in
??), it still managed to capture the peak. Figure 21c shows that the peak in the derivative
plot is highest at 1050 nm and gradually decreases as the wavelength decreases. The de-
creasing intensity of the peak can be attributed to the loss due to absorption by Chappius
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band of ozone and Rayleigh scattering. The cause of the peak was further investigated using
MPLNET data from the same date as shown in the Figure 21. The MPLNET data pre-
dicts the peak as ice-cloud (Figure 21b) at around 23.36 UTC. Both instruments detected
the broken ice-clouds from approximately 23.36 to 23.45 UTC. This is further confirmed by
camera images in the ??. Here, in the ?? shows the scene before cloud cover, the ??, shows
when the cloud is in the crosshair, and the ?? shows when the cloud has passed.

This exercise shows that ice-cloud with backscatter magnitude about 10−3 can be detected
by the derivative method as shown in the Figure 21c. Very low AODs ( < 10−3) and lower
heights were not observed even by 1050 nm wavelength. As part of this analysis, the ResPan
prediction is very close to the MPLNET data, even without including the bending due to
refraction. Atmospheric refraction bends light more at higher altitudes, where longer paths
are traveled.

7 Conclusion
Twilight brightness influences many processes on Earth, with the different colors during
twilight resulting from scattering by air molecules, aerosols, and ozone. The brightness
at a given time is further influenced by the height of Earth’s shadow, which can be used
to interpret stratospheric aerosol properties. Stratospheric aerosols play a significant role in
Earth’s climate, both regionally and globally. While satellite measurements provide valuable
data on stratospheric aerosols, they require validation through complementary ground-based
and airborne measurements. To address this need, the twilight radiometry method was in-
troduced. This method uses the simple geometry of Earth’s shadow to determine aerosol
peak height, providing a useful tool to corroborate satellite data. Existing literature high-
lights several limitations of the twilight radiometry method, including restricted wavelength
ranges, lower accuracy in measuring twilight radiance, and limited observational datasets.
This work makes significant advances in the understanding of twilight radiance and its po-
tential as a tool for atmospheric monitoring. The study provides valuable insights into the
role of aerosols in climate dynamics, air quality, and the Earth’s radiative balance, offering
a novel approach to studying atmospheric properties through twilight observations.

As an initial step, the twilight brightness analytical method has been verified [34]. For
simulations at higher SZAs between 90◦ and 100◦, the Monte Carlo RT model has been shown
to be close to observations made by spectrometer whereas DISORT with pseudospherical
geometry agrees with observational data up to an SZA of 90◦ with background aerosol. The
Gaussian distribution of the aerosol layer is preserved when longer wavelengths are used
to obtain ALH information. At shorter wavelengths, absorption by ozone and molecular
scattering can modify the height of Earth’s shadow, making them less sensitive to aerosol
properties. In contrast, longer wavelengths provide more information. To obtain ALH, two
methods are proposed: the color ratio and derivative methods. In both cases, wavelength
selection is of immense importance. Shorter wavelengths are affected by Rayleigh scattering
and gas absorption, whereas longer wavelengths are more sensitive to aerosol properties.
Although the color ratio method depends on surface information and instrument calibration,
it can be complemented by the derivative method to confirm the retrieved aerosol height.
The derivative method can detect the aerosol layers as low as 5 km using longer wavelengths,
with detection at lower heights depending on the observed wavelengths.
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The computation of AOD from radiance measured by ResPan using zenith viewing ge-
ometry has been discussed. Its agreement with AERONET (Direct-Sun measurements, R =
0.99) and MERRA-2 (model, R = 0.86) demonstrates the homogeneity of the aerosol layer.
Cloud screening can be achieved by monitoring rapid changes in the radiance measured by
ResPan. The twilight data also distinguish between high and low AOD in specific wave-
length ranges. The close agreement between aerosol height information obtained from the
twilight data by ResPan-43, deployed in New Zealand after the Hunga Tonga eruptions, and
that from SAGE and collocated lidar data further supports the method. The aerosol height
information obtained using this method from ground measurements can serve as a valuable
tool to confirm ALH data from instruments like SAGE.

One of the proposed future directions of this study is to use the derivative and color
ratio methods for retrieving aerosol height. Pandora spectrometers are widely deployed
worldwide, and these data can be utilized to predict the aerosol layer height using the
twilight method. This would result in a global data product capable of resolving many global
climate dynamics. Future work will refine refraction models and expand the application of
twilight radiometry to trace gases, with a focus on ozone studies in the UV portion of the
spectrum. Additionally, GOES-R imagery will be used to investigate the potential of the
twilight method for predicting cloud heights.

8 Appendix A
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For brightness calculation at sunset Hulbert proposed the following expression [34]:

B(λ) = i0λ
σ90◦λ

σλ

H

K− H
e−σλHn0 [1− e−σλ(K−H)n0 ], (6)

where i0λ is the solar radiance and its values are used from Total and Spectral Solar Irradiance
Sensor (TSIS) [49]. H is the scale height and is taken as 7 km, K is

√
(πrH/2) and n0 is

the molecular density on the surface. σ90◦λ is the scattering coefficient per air molecule per
steradian at 90◦ and σλ is the scattering cross-section per air molecule. The ′β′

λ notation
in Hulbert’s paper is the scattering cross section and has been represented in the modern
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notation as ′σ′
λ in this paper. For brightness calculation at twilight Hulbert used the following

expression [34]:

B(λ) = i0λ
σθλ

σλ

H

2AK− H
e−σλHn0 [1− e−σλ(2K−H/A)n0 ], (7)

where A = exp(rθ2/2H) and θ is the depression angle.
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Figure 23: Hulbert’s sunset Model.

9 Appendix B

The calibration procedure involved spectral characterization/registration and radiometric
correction as detailed by [25]. For spectral characterization, a dozen of the solar Fraunhofer
lines were used to register spectral channels to a wavelength with an accuracy of ¡1 nm.
During this process, the instrument is pointed at the Sun. The instrument records the
spectrum and captures the characteristic dips at the Fraunhofer line positions. The measured
positions of the Fraunhofer lines are then compared to their known absolute wavelengths. The
instrument’s wavelength assignment is corrected (e.g., by shifting or scaling the wavelength
axis). The spectral resolution is assessed by evaluating how sharp or broad the lines appear
in the measured spectrum.

The radiometric calibration was done at Radiometric Calibration Lab (RCL) and the
Goddard Laser for Absolute Measurement of Radiance (GLAMR) facilities of NASA GSFC.
RCL, the Radiometric Calibration Laboratory at NASA/GSFC, is a Class 10,000 clean room
facility equipped with several NIST-traceable integrating sphere sources. In this study, we
utilized a uniform spectral radiance light source from RCL known as Grande. Grande is a
101.6 cm diameter integrating sphere lined with Spectralon, featuring a 25.4 cm diameter
output aperture and capable of producing nine distinct levels of light output. More de-
tailed specifications can be found in [?]. GLAMR is a specialized spectral and radiometric
calibration facility that employs a tunable laser to generate monochromatic, extended light
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sources for the precise calibration of hyperspectral instruments. It also has large integrating
sphere sources with NIST-traceable radiometric calibration. For more information refer to
https://glamr.gsfc.nasa.gov/ (last accessed 16 April 2025).

The ResPan-48 spectra were scaled by ±5% to account for potential errors for the refer-
ence SZA of 65.2◦ (on December 12th, 2023 in ??). The percentage difference between the
model and the observation was found to be within 5% in the AOD retrieval for this reference
date and SZA, as shown in fig. 24. Thereafter, the scaling factor was consistently applied to
all AOD retrieval cases using ResPan-48.
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Figure 24: Percentage Difference between Model (DISORT) and observation (ResPan-48) for SZA 65.2◦ (reference point dis-
cussed in ?? ))

For the error analysis of the color ratio method discussed in (Figure 7 and Figure 11),
the spectral ratio Rspectral is given by:

Rspectral =
I775
I450

,

where I775 is the intensity at the wavelength 775 nm, and I450 is the intensity at the
wavelength 450 nm. The propagated uncertainty in Rspectral is:

δRspectral

Rspectral

=

√(
δI775
I775

)2

+

(
δI450
I450

)2

,

where δRspectral is the absolute uncertainty in the spectral ratio, δI775 is the uncertainty
in the intensity at 775 nm, and δI450 is the uncertainty in the intensity at 450 nm. The
absolute uncertainty, δRspectral, can be written as:

31



δRspectral = Rspectral ·

√(
δI775
I775

)2

+

(
δI450
I450

)2

.

10 Appendix C

(a) Daily Event coverage map (b) 1021 Aerosol Extinction coefficient

Figure 25: SAGE data for November 26, 2022, from Lauder, New Zealand.
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